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[1] Despite the growing number of in situ iron fertilization experiments, the efficiency of

such fertilization to sequester atmospheric CO2 remains largely unknown. For the first
time, a global ocean biogeochemical model has been evaluated against those experiments
and then used to estimate the effect of a long-term and large-scale iron addition on
atmospheric CO2. The model reproduces the observed timing and amplitude in
chlorophyll, the shift in ecosystem composition, and the pCO2 drawdown; it also proves
to be of utility in interpreting the observations. However, a full ocean fertilization during
100 years results in a 33 matm decrease in atmospheric CO2, that is 2 to 3 times smaller
than found previously.
Citation: Aumont, O., and L. Bopp (2006), Globalizing results from ocean in situ iron fertilization studies, Global Biogeochem.
Cycles, 20, GB2017, doi:10.1029/2005GB002591.

1. Introduction
[2] For about 2 decades now, iron has been increasingly
highlighted as a major element in the ocean biogeochemistry regulating the ocean productivity over large areas of the
oceans [e.g., Martin and Fitzwater, 1988; Martin et al.,
1990; Coale et al., 1996]. The most striking demonstration
that iron limits oceanic phytoplankton growth has been
given by the mesoscale iron fertilization experiments that
were conducted in the three major HNLC (high nutrient –
low chlorophyll) regions: the Southern Ocean [Boyd et al.,
2000; Gervais et al., 2002; Coale et al., 2004], the eastern
equatorial Pacific [Martin et al., 1994; Coale et al., 1996]
and the subarctic Pacific [Tsuda et al., 2003; Boyd et al.,
2004]. Despite large differences in the magnitude of the
response, virtually all experiments have provoked a large
increase in chlorophyll, generally dominated by diatoms,
and a strong decrease in surface pCO2 [de Baar et al.,
2005].
[3] Even if all iron fertilization experiments have led to a
significant increase in the phytoplankton biomass, the fate
of this fixed carbon remains quite unclear. During SOIREE,
no detectable increase in export production was observed
[Nodder et al., 2001] whereas at IRONEXII, a more than a
seven-fold increase was diagnosed [Bidigare et al., 1999].
The magnitude of the export increase is not the only
important parameter to infer the additionally sequestered
carbon. Of critical importance also is the depth at which the
organic carbon is exported which will determine the timescale for which carbon is trapped in the ocean. Unfortunately, no usable information is yet available on that aspect.
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[4] Despite these uncertainties, the success of the in situ
iron fertilization experiments has given support to the idea
of artificially fertilizing the ocean to mitigate the atmospheric CO2 increase resulting from the anthropogenic
activities [Gribbin, 1988; Martin, 1990]. Since then, this
idea has caused a considerable debate, mostly because the
sparse and short-term iron fertilization experiments are
difficult to interpret in terms of the massive iron addition
that would be necessary to affect atmospheric CO2 [e.g.,
Chisholm et al., 2001; Buesseler and Boyd, 2003]. Another
argument in this debate is that iron fertilization may have
potential side effects that could partly or totally cancel out
its potential benefits, as, for instance, increased anoxia or
hypoxia of the intermediate and deep ocean [e.g., Sarmiento
and Orr, 1991; Jin and Gruber, 2003; Gnanadesikan et al.,
2003].
[5] Simplistic global biogeochemical models have been
used to evaluate the effect of long-term, large-scale iron
fertilization. However, these models attempted only to
estimate a maximum effect, that is, they assumed that
surface macronutrients in HLNC regions were depleted to
zero all year round [Peng and Broecker, 1991; Joos et al.,
1991; Sarmiento and Orr, 1991; Matear and Wong, 1999]
or 6 months a year [Kurz and Maier-Reimer, 1993]. They
suggest that such massive fertilization could reduce atmospheric CO2 by at least 50 ppmv and by up to 107 ppmv
after 100 years of fertilization (Table 1). Thus, even in these
extreme unlikely scenarios, fertilization does not appear to
provide the cure to our carbon imbalance problem. Nevertheless, the simulated reduction in atmospheric CO2 is far
from being negligible and may still seem attractive as one
among the different available means to trap anthropogenic
carbon.
[6] A demonstration of such an intact attraction is given
by the numerous existing proposals to commercially exploit
purposeful iron infusions (see Chisholm et al. [2001] for a
list of some of them). However, the model estimates are
most likely to be an upper limit. Recently, Zeebe and Archer
[2005] have proposed a more realistic estimate of the

GB2017

1 of 15

AUMONT AND BOPP: GLOBALIZING IRON FERTILIZATION

GB2017

GB2017

Table 1. Atmospheric Reduction in CO2 Due to Iron Fertilization Estimated by Seven Models Forced With an IPCC
Business-as-Usual Emissions Scenario
Sarmiento and Orr [1991]
Kurz and Maier-Reimer [1993]
Matear and Wong [1999]
Joos et al. [1991]
Peng and Broecker [1991]

Model Typea

Atmospheric CO2, ppmv

Ocean Uptake, GtC

3-D
3-D
3-D
BM
BM

72
50
75
107
64 – 96

153
106
159
227
136 – 204

a

Abbreviations: 3-D, 3-D ocean model; BM, box model.

efficiency of iron fertilization. Using the results from
SOFEX [Coale et al., 2004] and simple ocean biogeochemical models, they have evaluated to 15 ppmv the maximum
reduction in atmospheric CO2 that can be realistically
expected from iron fertilization. This drawdown is much
lower than what was simulated by the previous modeling
studies. However, their work is based on very simplified
ocean carbon-cycle models and on only one in situ experiment which may not be representative of the whole
Southern Ocean and of longer-term iron enrichment.
[7] In the last few years, several global ecosystems
models have been developed that include an explicit representation of the iron cycle [e.g., Moore et al., 2002; Aumont
et al., 2003; Gregg et al., 2003; Dutkiewicz et al., 2005].
Despite their simplicity, especially in their description of
the iron chemistry, they have proved to be able to reproduce
the main characteristics of the HNLC regions as well as the
major patterns of the global iron distribution. These models
offer now the potential to explicitly assess the effects of iron
fertilization. In this study, we will initially focus on the in
situ iron enrichment experiments by simulating the time
evolution of short-term patchy iron additions. The objectives are (1) to evaluate the model and (2) to also use the
model to help analyze the results from the eight iron
fertilization experiments for which results have been published so far. In a second step, iron fertilization has been
performed over the global ocean for a hundred years
to forecast its efficiency to mitigate atmospheric CO2
increase.

2. Model Description
2.1. Physical Model
[8] We use the ocean model ORCA2-LIM, which is based
on the ORCA2 global configuration of OPA version 8.2
[Madec et al., 1998] coupled to the dynamic-thermodynamic
ice model developed at Louvain-La Neuve [Timmermann et
al., 2003]. The ocean model has a mean horizontal resolution
of about 2 by 2 cosf (where f is the latitude) with a
meridional resolution enhanced to 0.5 at the equator. The
model has 30 vertical levels, increasing from 10 m at
the surface to 500 m at depth. Twelve levels are located in
the top 125 m. The effects of unresolved mesoscale eddies
are parameterized following the parameterization of Gent
and McWilliams [1990] poleward of 10 latitude. Lateral
mixing both on tracers and momentum is performed along
isopycnal surfaces as in the work by Lengaigne et al. [2003].
The flow of deep water over bathymetry is represented using
the bottom boundary layer (BBL) proposed by Beckmann
and Döscher [1997]. Vertical eddy and viscosity coefficients

are computed from the prognostic model of turbulent kinetic
energy (TKE) of Blanke and Delecluse [1993].
[9] Climatological atmospheric forcing are constructed
from various data sets consisting of daily NCEP/NCAR
2m atmospheric temperature averaged over 1948 – 2003
[Kalnay et al., 1996], monthly relative humidity [Trenberth
et al., 1989], monthly ISCCP total cloudiness averaged over
1983– 2001 [Rossow and Schiffer, 1999], monthly precipitation averaged over 1979 – 2001 [Xin and Arkin, 1997],
and weekly wind stress based on ERS satellite product and
TAO observations [Menkes et al., 1998]. Surface heat fluxes
and evaporation are computing using empirical bulk formulas described by Goose [1997]. To avoid any strong model
drift, modeled sea surface salinity is restored to the monthly
WOA01 data set [Conkright et al., 2002] with a timescale of
40 days. The ocean model has been spun up for 200 years.
2.2. Ocean Biogeochemical Model
[10] In this study, we use the Pelagic Interaction Scheme
for Carbon and Ecosystem Studies (PISCES) ocean biogeochemical model. This model is derived from the Hamburg
Model of Carbon Cycle version 5 (HAMOCC5) [Aumont et
al., 2003]. As a detailed description of the model parameterizations is provided as auxiliary material1, the model will be
only briefly presented here. PISCES is constructed on the
assumption that phytoplankton growth is directly limited by
the external availability in nutrients [Monod, 1942]. This
choice was mostly dictated by the computing cost as
PISCES has been designed to suit a wide range of temporal
and spatial scales, including quasi steady state simulations
on the global scale.
[11] The model has 24 compartments (Figure 1). Phytoplankton growth can be limited by five different nutrients:
nitrate, ammonium, phosphate, silicate and iron. Four living
pools are represented: two phytoplankton size classes/
groups (nanophytoplankton and diatoms) and two zooplankton size classes (microzooplankton and mesozooplankton). Diatoms differ from nanophytoplankton by
their need in Si, by higher requirements in Fe [Sunda and
Huntsman, 1995] and by higher half-saturation constants
because of their larger mean size. For all living compartments, the ratios between C, N and P are kept constant to
the values proposed by Takahashi et al. [1985]. On the other
hand, the internal contents in Fe of both phytoplankton
groups and in Si of diatoms are prognostically simulated as
a function of the external concentrations in nutrients and of
1
Auxiliary material is available at ftp://ftp.agu.org/apend/gb/
2005gb002591.
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Figure 1. Schematic description of the PISCES ecosystem model. Not all the flows between the
different compartments are drawn. The elements listed in the upper left corner of the boxes represent the
explicitly modeled currencies in each pool.
the light level. The Chl
C ratio is modeled using a modified
version of the photoadaptation model by Geider et al.
[1998]. All the elemental ratios of zooplankton are kept
constant.
[12] There are three nonliving compartments: semilabile
dissolved organic matter (with timescales of several weeks
to several years), small and big sinking particles. The two
particle size classes differ by their sinking speeds (3 m/d for
the small size class and 50 to 200 m/d for the large size
class). As for the living compartments, constant Redfield
ratios are imposed for C/N/P. However, the iron, silicon and
calcite pools of the particles are fully simulated. As a
consequence, their ratios relative to organic carbon are
allowed to vary. The impact of ballast minerals on particles
sinking speeds is not accounted for in the model [e.g.,
Armstrong et al., 2002].
[13] Nutrients are supplied to the ocean from three different sources: atmospheric dust deposition, rivers and
sediment mobilization. These sources are explicitly modeled and are extensively described in the supplementary
material. Thus only the main aspects are presented here.
Iron deposition from the atmosphere has been estimated
from the climatological monthly maps of dust deposition
simulated by the model of Tegen and Fung [1995] assuming
constant values for the iron content and the solubility [e.g.,
Jickells and Spokes, 2001; Moore et al., 2004]. River
discharge of carbon is taken from the Global Erosion Model
(GEM) of Ludwig et al. [1996]. Fe, N, P and Si supplies are
derived from the same model output by considering globally
constant Fe/P/N/Si/C ratios in the rivers. Reductive mobilization of iron from marine sediments have been recognized as a significant source to the ocean [e.g., Johnson et
al., 1999; de Baar and de Jong, 2001]. Unfortunately,
almost no quantitative information is available to describe

this potentially important source. In a way similar to Moore
et al. [2004], we have very crudely parameterized this input
of iron.
2.3. Iron Fertilization Experiments
[14] Phosphate, oxygen, nitrate and silicic acid distributions have been initialized at uniform concentrations inferred from observed climatologies [Conkright et al., 2002].
Initial values for dissolved inorganic carbon and alkalinity
are taken from the OCMIP guidelines [Orr, 1999]. The
ecological tracers are initialized uniformly to arbitrary low
values. Iron concentrations are set everywhere to 0.6 nM.
The model is then spun up offline for 3000 years using the
dynamics predicted by the dynamical model. After this
integration, primary productivity as well as CO2 fluxes drift
by less than 0.01 GtC yr 1.
[15] In a first set of experiments, patchy iron fertilization
experiments have been performed. The fertilizing sites have
been selected in the three main HNLC regions defined as
follows: south of 40S for the Southern Ocean, between
180W and 80W and between 5S and 5N for the
equatorial Pacific, and north of 40N and between 140E
and 120W for the subarctic North Pacific. In each of these
three regions, iron has been added in one grid cell of the
model every 10 in longitude and 5 in latitude. The spatial
distribution of all the infusion sites can be seen in Figure 6
in section 4.1. At each site, iron concentration is set to 2 nM
in the whole mixed layer on day 2.5 and maintained to that
value for the rest of the simulation which has a total
duration of 45 days. These patchy iron fertilization experiments have been repeated every month starting from unperturbed initial states.
[16] In a second step, a massive large-scale and long-term
iron fertilization has been simulated. In this experiment, iron
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is set to 2 nM in the mixed layer everywhere and maintained
to that value for 100 years starting in 2000. The ocean
model exchanges CO2 with an interactive atmospheric box
forced by fossil fuel emissions from IPCC scenario
SRES98-A2 [Nakisenovic et al., 2000] and continental
biospheric carbon fluxes derived from a fully coupled
carbon-climate run using the same IPCC scenario [Dufresne
et al., 2002]. The initial state of this experiment has been
obtained from a 100-year simulation, beginning thus in
1900. In this prefertilization run, we have used observed
fossil fuel emissions and biospheric fluxes from the same
fully coupled carbon-climate run than in the massive iron
fertilization experiment. In both the pre- and post-2000
experiments, CO2 concentration in the interactive atmospheric box is updated at the end of each year using the
fossil-fuel emissions, the biospheric carbon fluxes and the
air-sea CO2 fluxes from our ocean model.
[17] Two additional sensitivity experiments have been
performed for comparison with the massive fertilization
experiment. In the first test, the ocean is never artificially
iron fertilized. This experiment was designed to evaluate the
impact of the massive iron fertilization on atmospheric
pCO2. In a second test, the ocean is supplied with iron for
10 years from 2000 to the end of 2009. Fertilization is then
stopped for the rest of the 100 years run. This simulation
was performed to estimate the timescale of the carbon
sequestration. Except for these changes in the artificial iron
supply, the experimental design of these tests is identical to
our standard case.

3. Model Mean State
[18] The objective of this section is not to present an
exhaustive validation of the model results. We rather illustrate some aspects of the model behavior that are of
relevance in the framework of this study. The reader
interested in a more complete description of the model
output could refer to the auxiliary material or to the PISCES
website (http://www.lodyc.jussieu.fr/aumont).
3.1. Iron
[19] Figure 2 shows the distribution of iron at the surface
and at 1000 m depth for the model ocean and for the scarce
available observations. In the open ocean, the highest
surface iron concentrations are simulated in the North
Atlantic and in the North Indian basins in agreement with
the observations. These elevated values are created by the
strong local aeolian source, especially from the Sahara
desert. However, the maximum modeled iron levels are in
general underestimated relative to the observations. Surface
values higher than 0.8 nM have been measured both in the
Atlantic Ocean [Vink and Measures, 2001; Sarthou et al.,
2003] and in the Indian Ocean [Measures and Vink, 1999]
whereas in the model, they hardly exceed 0.5 nM. Over the
rest of the open ocean, iron concentrations are low, generally below 0.2 nM as a result of low aeolian input and/or
upwelling of iron depleted waters. Elevated Fe levels are
produced on the continental margins by the imposed sediment source, in broad agreement with the very sparse
available data [e.g., Sedwick et al., 2000; Nishioka et al.,
2001].
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[20] Deeper in the water column, at 1000 m, the modeled
iron distribution is in qualitative agreement with the quite
sparse observations (Figure 2b). Iron concentrations are
relatively high in the North Atlantic and in the North Pacific
with values ranging between 0.7 and 1 nM. Modeled iron
values are generally higher in the Atlantic relative to the
Pacific and seem to be slightly overestimated compared to
the data. The modeled iron distribution exhibits decreasing
concentrations to the south. Minimum middepth concentrations are simulated in the Southern Ocean in agreement
with the data, despite the fact that they appear to be
overpredicted by the model. Our modeled distribution at
1000 m resembles quite strongly that of Parekh et al.
[2004]. This is not surprising as both parameterizations of
the iron cycle in the water column are based on the same
assumptions and are thus similar.
3.2. Chlorophyll
[21] Modeled chlorophyll distribution is compared to the
SeaWiFS satellite observations for May and November
(Figure 3). The observed patterns are qualitatively reproduced by the model. Slightly too low chlorophyll concentrations are predicted in the subtropical oligotrophic gyres.
In two of the three major HNLC regions, i.e., the equatorial
Pacific and the Southern Ocean, the model succeeds in
reproducing the quite moderate chlorophyll levels associated
with elevated macronutrients. In the Southern Ocean, the
simulated chlorophyll standing stock seems to be too elevated during the growing season. A possible explanation
may be the overpredicted middepth iron concentrations
which lead to an excessive accumulation during winter. In
the subarctic Pacific Ocean, the third major HNLC region,
chlorophyll surface concentrations are largely underestimated all year round, especially in the eastern part of the
basin. As in most coarse-resolution models [Aumont et al.,
2002; Gnanadesikan et al., 2002; Dutkiewicz et al., 2005],
the ocean dynamics in this region is not correctly reproduced. The Kuroshio current separates from the coast
much too far to the north, bringing to the subarctic Pacific
too warm, too salty and nutrient-poor subtropical waters
[Gnanadesikan et al., 2004].
[22] During boreal spring, chlorophyll concentrations are
high in the mid and high latitudes of the North Atlantic
Ocean. Maximum levels appear to be overestimated, especially in the most northern part of the basin. Chlorophyll
concentrations are generally strongly underestimated in the
eastern coastal upwelling region as the model resolution is
too coarse to correctly resolve the dynamics of these
regions. Nevertheless, this underestimation becomes even
worse when no iron supply from the sediments is included
confirming the critical importance of this source to sustain
the observed high levels of phytoplankton standing stock in
the coastal upwellings [e.g., Hutchins and Bruland, 1998;
Bruland et al., 2005].

4. Iron Fertilization Experiments
4.1. Patchy Iron Fertilization
[23] The model response to these patchy Fe additions is
illustrated on Figure 4 for two groups of sites similar in their
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Figure 2. Comparison to observations: dissolved iron (in nM) from PISCES, annual mean (a) at the
surface and (b) at 1000 m depth. Available observations, mainly based on work by Parekh et al. [2004]
compilation are displayed as dots with the same color code.

biogeochemical and physical conditions to IRONEXII
[Coale et al., 1996] in the equatorial Pacific (Figure 4a)
and SOIREE [Boyd et al., 2000] in the Southern Ocean
(Figure 4b). These sites have been selected because they
strongly differ in their physical and biogeochemical conditions. As a consequence, the responses to the iron addition
are quite different. The model simulates a large and rapid
increase in chlorophyll after the fertilization similar in
magnitude to the observations. Both in the model and in
the observations, the maximum chlorophyll is reached after
5 – 6 days at IRONEXII, and after 13– 14 days at SOIREE.
Most of the biomass increase is due to diatoms which
account for more than 60% of the maximum total biomass
as observed [e.g., Cavender-Bares et al., 1999; Gall et al.,
2001]. As a result of these blooms, surface pCO2 substantially decreases at both sites, in good agreement with the
data. An encouraging result from this simple illustration is
the success of the model in producing quite contrasted
responses to iron fertilization as observed.

[24] Even if all the in situ experiments resulted in a
significant increase in chlorophyll, the magnitude of this
response strongly differs between sites: from 2.5 mg Chl/
m3 at SOIREE [Boyd et al., 2000] to more than 19 mg
Chl/m3 at SEEDS [Tsuda et al., 2003]. These differences
are largely explained by differences in the mixed layer
[Platt et al., 2003; de Baar et al., 2005]. That is, blooms
following iron injection are stronger when the mixed layer
depth is shallower (Figure 5a). Such a relationship supports the hypothesis that the light limitation arising from
the auto-shading by the phytoplankton triggers the end of
the bloom onset. However, insufficient data are available
to confirm that hypothesis. When adding the model results
to the experimental data, a similar relationship between
mixed layer depth and chlorophyll is found. For a given
mixed layer depth, the model exhibits substantial scatter
below an apparent upper limit. This limit is well approximated by numerically solving the simple model of Platt et
al. [2003], which relates the maximum phytoplankton
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Figure 3. Comparison to observations: surface chlorophyll (in mg m 3) derived from remote sensing
(SeaWiFS) over 1997 – 2003 for (a) May and (c) November, compared to simulated chlorophyll from
PISCES for (b) May and (d) November.

biomass to the light availability, and thus to the mixed
layer depth (Figure 5a). However, mixed layer depth is not
the only control of bloom intensity as other limiting
factors often reduce this expected maximum response.
For instance closer inspection of the model results reveals
that limitation by silicate stops the bloom below this
maximum value on the northern edge of the Southern
Ocean and in the equatorial Pacific. This result is consistent with the findings of studies suggesting seasonal or
intermittent silicon limitation of phytoplankton growth in
these regions [Dugdale and Wilkerson, 1998; Franck et
al., 2000].
[25] One of the most important results of iron fertilization
was the demonstration that fertilization has always led to a
large decrease in sea surface pCO2, from roughly 25 matm in
the Southern Ocean [Bozec et al., 2005] to more than
90 matm at SEEDS [Tsuda et al., 2003]. Both the model
results and the data show a clear relationship between
bloom intensity and CO2 drawdown (Figure 5b). In addition, our model shows that most of simulated carbon uptake
is not exported but accumulated in the living biomass, and
to a lesser extent in the dissolved organic pool. The export
of organic matter to the subsurface contributes on average to
only 25% of the DIC drawdown, which supports budget
computations from in situ observations [Tsuda et al., 2003;
Boyd et al., 2004; Buesseler et al., 2004]. Although small
during the whole course of the experiment, the contribution

of the export tends to increase with time from an average of
about 15% (15 days after the beginning of the fertilization)
to the maximum mean value of 25% (reached on average
after about 30 days).
[26] The duration of the bloom development is another
feature of the iron fertilization experiments that displays
considerable variability [Boyd, 2004]. At IRONEXII, maximum bloom intensity was reached after 5 – 6 days, whereas such took more than 2 weeks in the Southern Ocean
(Figure 5c). Temperature should clearly play a critical role
as, on average, phytoplankton growth rate increases with
temperature. However, SEEDS demonstrated that the ecosystem composition is also critical since, during this
experiment, diatoms were growing much more quickly
than expected [Tsuda et al., 2003]. Furthermore, despite
a general trend to more rapid responses with increasing
temperatures, the model simulates considerable variations
between sites with the same SST (Figure 5c). However,
the same temperature-growth rate formulation is prescribed
for the two modeled phytoplankton groups. In fact, many
factors control the net phytoplankton growth rate and its
temporal evolution such as the grazing pressure, the
available light, the initial nutrient concentrations. Consequently, the duration of the onset, optimum and decline of
the bloom should show considerable variability between
sites and should prove to be extremely difficult to predict a
priori.
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Figure 4. Evolution of some biogeochemical signals (mean chlorophyll, diatoms contribution, and
surface pCO2) at (left) IRONEXII and (right) SOIREE. The dots on all panels denote the observations.
The gray shaded area indicates the range in the model responses: For each of the two fertilization
experiments, all the injection sites in the model that have similar mixed layer depth (±10 m) and SST
(±2C), have been selected (nine sites for IRONEXII and 33 sites for SOIREE). Their locations are
shown on the maps at the bottom of each column of figures. Iron has been added in the model at the same
month than in the data (February for SOIREE and May for IRONEXII). Both the model output and the
observations are displayed so that the first iron infusion occurs on day 2.5. Chlorophyll (top panels) is
expressed as mean mixed-layer concentrations. Diatom contribution (middle panels) is shown as a
percentage of the total Chl a. Difference in pCO2 (bottom panels) is defined for the model as the
difference between the fertilization experiment and a control experiment.

[27] Although all in situ experiments have shown that iron
addition in HNLC regions stimulates the carbon fixation by
phytoplankton, the fate of fixed carbon remains unclear. At
SOIREE, there was no detectable increase in export production [Boyd et al., 2000], whereas at IRONEXII there was
more than a sevenfold increase [Bidigare et al., 1999]. Our
model also simulates large differences between the fertilization sites (Figure 5d). Both changes in the standing stock
and in the mean sinking speed of the particles explain this
important variability. For instance, the mean sinking velocities (which depends in our model on the relative contribution of the two modeled size classes of POC) increases at
SOIREE-like sites by 4 to 11 m/day, i.e., by 30% up to
200%. These large differences result from numerous factors
related to ecosystem structure and its physiological status.
Most important factors are the initial biomasses of phytoplankton and zooplankton, the initial nutrients concentra-

tions, the growing conditions like the temperature and the
depth of the mixed layer. The respective role and the
interplay of these factors are quite complex and vary a lot
between the sites. Such complexity explains the large
variability in the simulated response of export production.
[28] Nevertheless, an important rise in POC export is
always predicted over the 45 days of the continuous iron
addition with, on average, larger export as the bloom is
stronger. Differences among in situ studies may be partly
explained by their different sampling periods. Some studies
have been probably too short in time to detect any change in
export [Buesseler et al., 2004]. The model supports this
explanation as after 15 days, the increase in export is
generally small, below 50%, and is not correlated with the
maximum magnitude of the bloom or of the export production (Figure 5d). Thus there is a delay both between the
maxima of biomass and export and between the onset of the
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Figure 5. Maximum responses to iron injection in the observations (black dots) and in the model (open
dots). We have selected seven fertilization experiments: IRONEX2 [Coale et al., 1996], SOIREE [Boyd
et al., 2000], EISENEX [Gervais et al., 2002], SEEDS [Tsuda et al., 2003], two sites for SOFEX [Coale
et al., 2004], and SERIES [Boyd et al., 2004]. IRONEXI [Martin et al., 1994] has been excluded from the
comparison because of water mass subduction that prevents the triggered bloom to develop. (a) Maximum
surface chlorophyll as a function of the mean mixed layer depth. The dashed curve shows the relationship
according to Platt et al. [2003] (see text). (b) Maximum surface drawdown in surface pCO2 as a function of
the maximum surface chlorophyll concentration. (c) Duration of the bloom development defined as the
number of days necessary to reach the maximum chlorophyll concentration since the first iron addition as a
function of sea surface temperature. (d) Maximum increase in export production as a function of the
maximum surface chlorophyll concentration. This increase is defined as the ratio of the difference in export
productions after and before the fertilization over the prefertilization export production. The gray dots show
this increase in the model 13 days after the iron infusion.

bloom and the increase in export production. These gaps are
highly variable between sites but are generally comprised
between 10 and 20 days in the model. Estimations of the
impact of iron fertilization on export of organic matter
requires a sampling duration that extends well beyond the
response of the phytoplankton community (at least another
20 days).
[29] All the in situ experiments have been performed
during the favorable season in the Southern Ocean. They
have all led to a significant biomass increase. However, one
expects that in that region, the response of the biological

activity to the iron stimulation should be highly seasonal.
This hypothesis is supported by the relationship between the
mixed layer depth and the maximum chlorophyll concentration which highlights the critical role of light limitation.
As expected, the stimulation is restricted in the Southern
Ocean to the summer season. This favorable period
increases to the north from about 3 months off the Antarctic
Coast to about 6 months north of the Polar Front (Figure 6).
In the equatorial Pacific, the seasonality is much weaker:
Phytoplankton blooms are generated by iron enrichment all
year round. In the North Pacific, phytoplankton almost
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Figure 6. Number of months for which a strong biomass increase is simulated after iron addition
(chlorophyll increase exceeds 1 mg Chl/m3).

never responds to iron stimulation as a consequence of
deficiencies in the simulated dynamics (see section 3).
4.2. Global Iron Fertilization
[30] In the first part of this study, we have shown that the
model reproduces qualitatively and quantitatively the main
features of the mesoscale experiments. It also proved to be
of utility in interpreting the observations. In a second step,
we have used the same model to assess the maximum longterm impact of massive iron fertilization on atmospheric
CO2. Thus we have designed another experiment in which
the ocean model is supplied with iron everywhere in the
mixed layer and for 100 years starting in year 2000. Results
are then compared to another simulation using the same
experimental design but without iron fertilization.
[31] As expected from the patchy fertilization experiments,
the global primary productivity increases sharply from
41 GtC/yr to more than 61 GtC/yr the first year (Figure 7a).
Nanophytoplankton and diatoms contribute equally to this
gain in productivity. However, the relative increase in diatoms is larger, growing from about 20% to 31% of the
total primary production. With greater primary productivity,
export production increases from 8 GtC/yr to 11.5 GtC/yr.
After this sharp initial increase, both primary and export
production gradually decrease to reach 50.7 GtC/yr and
9.8 GtC/yr at the end of the simulation. These slow declines
result from more efficient consumption and export of the
macronutrients in the HNLC regions that reduces their lateral
transport to the oligotrophic areas. Thus massive iron fertilization stimulates productivity and export in the HNLC
regions at the expense of increasing the severity and the
spatial extent of the oligotrophic regions (Figure 8b).
[32] Such a reduction is not surprising as it has been
shown previously [Sarmiento and Orr, 1991; Aumont et al.,
2003]. Two pathways should be at play in the case of iron
fertilization. First, the lateral transfer at the surface by the

Ekman drift is diminished due to the reduction of the
nutrient concentrations in the former HNLC regions. Thus
primary productivity is reduced primarily on the borders of
the oligotrophic regions [Williams and Follows, 1998]. This
pathway is rapid, on the order of 1 year. The second
pathway operates over much longer timescales but also
over the global ocean [Rodgers et al., 2003]. Nitrate
concentrations are strongly decreased in the Sub-Antarctic
Mode Waters (SAMW). As these waters are the main source
of nutrients for the low latitudes, this nutrient depletion
should result in an overall and slow reduction of the primary
productivity in the low latitudes [Sarmiento et al., 2004].
[33] The addition of iron significantly stimulates the export
of organic matter to the subsurface. The ocean becomes
thus a larger sink of atmospheric CO2 (Figure 7b). After
100 years, atmospheric pCO2 is reduced by 33 matm relative
to the control simulation (Figure 7c). This corresponds to an
additional carbon sequestration of 70 GtC by the ocean
which is substantially less than the extra 226 GtC that is
exported below 100 m due to stimulated biological activity.
This disparity results in part because much of the exported
carbon is returned to the upper few hundred meters of the
ocean where it is quickly reexposed to the atmosphere.
About 90% of the additional uptake occurs in the Southern
Ocean confirming the predominant role of this region
[Sarmiento and Orr, 1991]. Consequently, a negligible
impact on atmospheric pCO2 should be expected from an,
even massive and permanent, iron fertilization in the tropics
or in the northern mid and high latitudes, including the
equatorial Pacific.

5. Discussion
5.1. Atmospheric CO2 Drawdown
[34] The 33-matm drawdown in atmospheric CO2 predicted by our model is significantly smaller than values
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Figure 7. Evolution of (a) global primary productivity in
PgC yr 1, (b) ocean carbon fluxes (positive to the ocean) in
PgC yr 1, and (c) atmospheric pCO2 in ppmv. The black
line represents the experiment in which no iron is added.
The long-dashed line represents the standard fertilization
experiment. The short-dashed line represents the fertilization experiment in which iron infusion is stopped after 2010
(see text).

reported in previous modeling studies [Peng and Broecker,
1991; Joos et al., 1991; Sarmiento and Orr, 1991; Kurz and
Maier-Reimer, 1993] using much simpler biogeochemical
models. These models were simulating reductions larger
than 50 matm for experiments including anthropogenic fossil
fuel emissions (Table 1). The only exception to these
elevated values is given by Zeebe and Archer [2005]. Using
results from SOFeX and several ocean models, they estimated that iron fertilization would lead to a feasible reduction in atmospheric CO2 of less than 15 ppmv. However,
their study is not directly comparable to the other studies
(including ours). On the basis of a feasibility assessment
regarding the currently available technology, they fertilized
the ocean only 15 times a year south of 55S. In the other
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studies mentioned here, iron enrichment is performed all
year round (only the six summer months of Kurz and
Maier-Reimer [1993], which were also producing the lowest
estimate, i.e., 50 ppmv) over the whole Southern Ocean or
over the global ocean. Thus, leaving aside this work by
Zeebe and Archer [2005], why such a small response in our
model when compared to similar studies?
[35] In these previous studies, iron fertilization was simulated by assuming a complete utilization of the surface
macronutrients (phosphate or nitrate) all year round (only
the six summer months of Kurz and Maier-Reimer [1993]).
Our model suggests that this assumption is by far too
extreme (Figure 8a), especially in the Southern Ocean
which is responsible for most of the atmospheric carbon
sequestration. Despite a large reduction due to the enhanced
biological activity, surface nitrate concentrations always
remain at significant levels south of about 50S. In fact,
nitrate and phosphate are never exhausted in this region,
even during the most favorable growing season.
[36] The persistence of elevated nitrate concentrations
results from the interplay of other limiting factors than iron.
First, the stimulation of the biological activity is restricted in
this region to the summer season which lasts for only 3 to 6
months (Figure 6). Nutrients can then build up at the surface
during wintertime without being consumed very differently
than in the unperturbed case. As a result, maximum nitrate
concentrations are not significantly altered in the Southern
Ocean when iron is artificially supplied. Second, during the
favorable season, other limiting factors come into play:
Silicon limitation north of the Polar Front, light limitation
south of it (Figure 9). These limiting factors often prevent a
complete consumption of the macronutrients (Figure 8a),
either by slowing down the phytoplankton growth (light
limitation) or by stopping the diatoms bloom (silicate
limitation). The export production is increased for only
several months and to significantly lower values than what
a complete removal of surface macronutrients would require. For instance, the perturbation new production averaged 12– 14 GtC/yr for Sarmiento and Orr [1991] to be
compared to the mean 2.5 GtC/yr in our experiment.
[37] Our results support the hypothesis that other limiting
factors play a critical role in limiting the efficiency of iron
fertilization to sequester atmospheric carbon [Popova et al.,
2000]. To more quantitatively estimate this role, we have
performed an additional simulation in which nitrate remains
as the only control of phytoplankton growth. As expected
from our previous analysis, export production is strongly
increased to about 20 GtC/yr on average over the 100 years
of the simulation, that is, about 12 GtC/yr higher than in the
control experiment. Nitrate are almost exhausted everywhere, except in the Ross and the Weddell Seas where the
physical model produces very strong and deep winter
mixing (not shown). In this extreme case, atmospheric
CO2 drawdown reaches 87 ppmv. These values, both for
export production and for atmospheric CO2, are very similar
to the findings of previous modeling studies (see Table 1).
5.2. Efficiency of Iron Fertilization
[38] Our model predicts that about 33% of the additional
export produced by the fertilization comes out of the
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Figure 8. (a) Yearly minimum concentrations of nitrate (in mmol/m3) at the surface for the fertilization
experiment. (b) Changes in vertically integrated primary productivity (in gC/m2/yr) in the fertilization
experiment relative to the control simulation.

Figure 9. Colimitation of diatoms growth for the control experiment in year 2100. Blue, yellow, and
pink areas denote, respectively, maximum limitation by iron, silicic acid, and nitrogen (nitrate +
ammonium). Light limitation is also represented by a white shading over previous colors.
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atmosphere over the 100 years of the experiment. The rest is
compensated by increased vertical supply of carbon resulting from the progressive reexposition of the sequestered
carbon to the surface. Furthermore, the efficiency is not
constant over time. It peaks at about 60% the first year
and then decreases to 25% at the end of the simulation as
more and more sequestered carbon is brought back to the
surface. When iron enrichment is stopped, the efficiency
drops rapidly to very low levels, around 6% in year 2100
(Figure 7). Three thoughts can be drawn from these results.
(1) Iron fertilization should be performed continuously;
otherwise its benefits are lost quickly in agreement with
what was found in previous studies [Sarmiento and Orr,
1991; Gnanadesikan et al., 2003]. (2) Maintaining the
efficiency close to its maximum level would require continuous increase in the export production, which is of course
impossible. (3) The amount of sequestered carbon cannot be
directly and easily estimated from export flux measurements
[Gnanadesikan et al., 2003].
[39] Our efficiency, 33% on average, is significantly
higher than what was found in previous studies: 10 –
25% for Zeebe and Archer [2005] and 2 – 11.5% for
Gnanadesikan et al. [2003]. Understanding this difference
is quite challenging, as the experimental designs differ in
many aspects. Nevertheless, the time evolution of our
sequestration efficiency is more similar to the ADDBOTTOM-type experiments of Gnanadesikan et al.
[2003] in which macronutrients are continuously added
to maintain the export production to its prefertilization
values and the additional fixed carbon is exported to the
bottom of the ocean. This suggests that our higher efficiency can be primarily explained by differences in the
biological models.
[40] Gnanadesikan et al. [2003] as well as Zeebe and
Archer [2005] used the nutrient-restoring formulation
according to the OCMIP protocols [Orr, 1999]. After the
iron addition, simulated by imposing surface phosphate
concentration to zero, export production drops at the fertilization site but also downstream of it until surface phosphate concentration rises back above its climatological
value. This drop induces a loss of carbon to the atmosphere
(the ‘‘rebound’’ period of Gnanadesikan et al. [2003]). In
our model, primary and export productions only decrease
when nutrients become limiting, i.e., when they fall to very
small values. As shown in section 4.2, this reduction is
localized in the low latitudes and is generated by reduced
lateral advective supply of macronutrients. Thus this ‘‘rebound’’ period does indeed exist but requires much longer
timescales (years to decades) to fully develop. Around the
fertilization sites, biological activity remains high, which is
equivalent to adding nutrients in the nutrient-restoring-type
models (ADD case of Gnanadesikan et al. [2003]). A
second explanation for our high efficiency relies on the
depth at which organic matter is exported. In our model,
fertilization increases mostly the export by the big particles
whose average remineralization length scale is about 2000 m.
This value is substantially larger than the mean 700 m
prescribed by the OCMIP protocols. The consequence is
a greater efficiency of the fertilization [Gnanadesikan et
al., 2003]. Nevertheless, other processes may act as well,
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like, for instance, different vertical diffusivity coefficients
[Gnanadesikan et al., 2003].
5.3. Nonlocal Effects
[41] Using a global ocean model, Gnanadesikan et al.
[2003] did quite a complete study of iron fertilization
analyzing the sensitivity of the response to many different
parameters both on the dynamics and on the biogeochemistry. However, because of their very simple biological
scheme, they left unanswered some critical questions mostly
related to the primary productivity and the iron cycle. Here,
since we use a more complex biogeochemical model, we are
able to answer some of their questions.
[42] 1. What are the nonlocal effects of fertilization?
Previous studies have suggested that iron fertilization may
alter the current patterns of primary productivity, even far
away from the enrichment sites [Sarmiento and Orr, 1991;
Gnanadesikan et al., 2003]. However, because they were
using the nutrient-restoring approach, export production was
predicted to drop to zero after the stop of the iron supply. Of
course, as shown by our model, this result is unrealistic.
Primary productivity is not decreased in the core of the
HNLC regions, neither during the fertilization nor after it. In
the equatorial Pacific and north of the Polar Front, there is
generally a significant decrease in biological activity relative
to the initial peak induced by the fertilization due to light
and/or silicon limitations, but this activity always remains
higher than in the unperturbed case (Figure 8b). On the other
hand, primary productivity is reduced far away from the
infusion sites. This reduction spans the whole low latitudes
(except the equatorial Pacific), resulting in a larger extent and
greater severity of the oligotrophic gyres (see section 4.2).
More interestingly, after the stop of the artificial iron supply,
the ocean does not return back to its preperturbed state
(Figure 7). Together with carbon, nutrients have been routed
from the surface to the deep ocean. Consequently, when iron
infusion is ceased, primary productivity drops below its
prefertilization level for the rest of the experiment. This
suggests that iron fertilization may perturb the ocean biological activity, even long after its stop.
[43] 2. How does fertilization affect the location of
remineralization? One of the prominent results of the in
situ fertilization experiments is that large cells, generally
diatoms, contribute to a large extent to the observed increase
in the phytoplankton biomass [de Baar et al., 2005]. As a
consequence, iron fertilization is expected to lead to a more
efficient burial of the exported carbon to the deep ocean
[e.g., Lefèvre and Watson, 1999]. Our model supports this
hypothesis: The larger contribution from the large particles
increases the mean sinking speed from 19 m d 1 in the
unperturbed case to 28 m d 1 in the perturbed case at 200 m,
and from 54 m d 1 to 71 m d 1 at 1000 m, respectively.
However, change in the size spectrum is only one potential
factor among others that may impact on the remineralization
length scales. For instance, the composition of the particles,
especially in ballast minerals (carbonate, silicate), is critical
as demonstrated by Armstrong et al. [2002]. Decrease in the
silicification of the diatoms as generally observed when iron
is no longer limiting [Takeda, 1998; Leynaert et al., 2004]
may partly offset the increase in the sinking speeds resulting
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from the particles larger sizes. Another aspect is the lability
of the organic matter. Fresher materials are solubilized faster
and thus are shallower in the water column [e.g., Murnane
et al., 1996]. Unfortunately, our model is too idealized to
explore these processes.
[44] 3. What is the fate of fertilizing agents (like iron)
away from the surface layer? The experimental design we
adopted in this study to simulate iron enrichment requires an
annual Fe input of about 100  109 mol Fe yr 1. This value
is roughly 20 times the amount of iron that is supplied to the
ocean by dust deposition [Moore et al., 2004; Parekh et al.,
2004]. Despite this enormous additional input, the ocean
iron content is increased by only about 30% after 100 years
of continuous fertilization and does not evolve much after
that time. In fact, most of the added iron is lost to the
sediments by intense scavenging onto particles. Furthermore, when iron fertilization is stopped, this supplementary
iron is lost rapidly from the ocean. After 10 years, the iron
global content is only about 15% higher than in the nonperturbed case. After 90 years, the artificially added iron has
been almost entirely washed out of the ocean, resulting in
virtually identical ocean Fe content in both cases. At the
surface, the Fe lifetime is even shorter because of the larger
particles numbers which create in an intense loss by
coagulation and adsorption and because of the biological
activity [Bowie et al., 2001; Croot et al., 2004]. In most of
the HNLC regions, the stimulation of primary productivity
vanishes completely less than 10 years after the stop of the
iron infusion. On the contrary, the decrease in primary
productivity induced in the low latitudes persists over much
longer timescales (see above).

6. Conclusions
[45] One (not necessarily desired) outcome of the success
of iron fertilization experiments and of previous modeling
studies has been to lend credibility to the idea of massively
fertilizing the ocean to mitigate increasing atmospheric CO2
[Chisholm et al., 2001; Buesseler and Boyd, 2003]. In the
light of this study, several thoughts can be drawn. First, iron
limitation in the HNLC regions, especially in the Southern
Ocean, is not the whole story. Light and silicate limitations
play a critical role and generally prevent from a complete
utilization of the available macronutrients. These limitations
mainly explain the moderate efficiency of iron fertilization
in our model in sequestering atmospheric carbon, especially
relative to previous modeling studies. Second, fertilizing the
ocean outside the Southern Ocean results in a negligible
carbon sequestration as only 10% of the 33 matm is trapped
north of 40S. Third, iron fertilization should be done
continuously, as when stopped, a large part of the sequestered carbon is reexposed to the atmosphere quite rapidly.
[46] Finally, the marine ecosystems can be modified even
far away from the injection sites, potentially resulting in
changes in the distribution and abundance of the marine
resources. More problematic, the model suggests that these
changes could be lastingly created, as after the stop of the
iron infusion, global primary productivity drops rapidly and
remains below the unperturbed scenario for the rest of the
experiment. Together with other potential side effects that
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have been identified so far [Sarmiento and Orr, 1991;
Gnanadesikan et al., 2003; Jin and Gruber, 2003], iron
fertilization should be warily considered, as it may not be
environmentally benign during but also long after its
achievement. However, the tool used in this study is a
model and even if PISCES is far more complex than the
models that were previously used to address artificial iron
fertilization, it is still a simplified (and simplistic) representation of reality. Thus large uncertainties remain concerning
the efficiency of iron fertilization that should be further
explored using more observations and/or other models.
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